Introduction
The Last Glacial Maximum (LGM, about 19 000-23 000 yr before present) marks the peak of the last glacial period between about 110 000 and 10 000 yr before present. A strong cooling in both hemispheres is recorded in proxy records from Greenland (Dahl-Jensen et al., 1998) and Antarctica (Stenni et al., 2004; EPICA community members, 2004) . During the LGM, a large portion of North America and northern Eurasia was covered by ice sheets, hence the sea level was reduced by about 120 m (Fairbanks, 1989; Lambeck and Chappell, 2001 ). The newly exposed land areas and differences in vegetation and soil type impacted the surface albedo. The Laurentide ice sheet covering most of Canada and a large portion of the northern United States had a firstorder impact on the large-scale atmospheric circulation in the Northern Hemisphere via topographic and thermal forcing as demonstrated in global circulation models (e.g. Hansen et al., 1984; Manabe and Broccoli, 1985) . A reduced atmospheric concentration of CO 2 (185 ppmv, Petit et al., 1999) compared to the pre-industrial (PI, approximately 1800 AD) value of 280 ppmv also influenced climate, as reduced greenhouse gas (GHG) levels have a direct effect on radiative forcing (Shin et al., 2002) .
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Sensitivity studies using slab ocean models (e.g. Manabe and Broccoli, 1985) find that the reduction in GHG is accountable for the global cooling during the LGM, whereas the ice sheets induce a regional cooling in the Northern Hemisphere. Hewitt and Mitchell (1997) and Kim (2004) , using coupled atmosphere-ocean general circulation models, similarly conclude that the ice sheet topography is a dominant factor in reducing the surface temperature in the Northern Hemisphere. A recent sensitivity study by Pausata et al. (2011a) finds that the ice sheet topography also plays a key role in altering the circulation pattern over the North Atlantic Ocean. These studies demonstrate the importance of studying the relative role of individual Last Glacial Maximum boundary conditions.
Changes in atmospheric temperature and circulation are closely reflected in the relative abundance of the isotopes of the water molecule H 2 16 O, H 2 18 O and HDO, which is why these isotopes are useful indicators of current and past climate changes (Dansgaard, 1964; Jouzel, 2003; Noone and Sturm, 2009) . A temperature-dependent isotopic fractionation occurs during any phase transition because of the differences in their saturation vapor pressures. This causes the ratios of the heavier to lighter isotopes in the different reservoirs of the hydrological cycle to vary depending on the atmospheric conditions (Gat, 1996) . In our study, we focused on H 2 16 O and H 2 18 O. The ratios of the heavy to the light isotopes are denoted by so-called δ values, given as δ 18 O = (R SAMPLE /R VSMOW − 1) × 1000 ‰, where R is the ratio of the abundance of the heavier oxygen isotope 18 O to the abundance of the lighter isotope 16 O. Furthermore, R SAMPLE and R VSMOW = 2.0052 × 10 −3 ‰ are the isotopic concentrations of the sample and of VSMOW (Vienna Standard Mean Ocean Water), respectively. In the tropics, δ 18 O in precipitation (δ 18 O precip ) is closely related to the precipitation amount ("amount effect", Dansgaard, 1964) . Thus, highly depleted stable isotope concentrations are observed during time periods of intense precipitation (Rozanski et al., 1993) . At high latitudes, δ 18 O precip is strongly correlated with the local surface temperature ("temperature effect", Dansgaard, 1964; Rozanski et al., 1993) , and for temperatures below 14 • C, the annual mean δ 18 O precip is closely related to the annual mean surface temperature T as δ 18 O = 0.62 ‰ • C −1 T -15.25 ‰ (Dansgaard et al., 1973; Johnsen et al., 1989) . Models have been used to determine whether this present-day temperature-δ 18 O precip relationship could be extended to climates that differ starkly from the present (e.g. Lee et al., 2008) .
Stable water isotopes have been included in the hydrological cycle of various global atmospheric models, namely, GISS (Jouzel et al., 1987) , ECHAM (Hoffmann et al., 1998) , MUGCM (Noone and Simmonds, 2002) , CAM2.0 (Lee et al., 2007) , LMDZ (Bony et al., 2008) , CAM3.0 (Noone and Sturm, 2009 ) and the atmosphere-ocean coupled model HadCM3 (Tindall et al., 2009 ). These models have been successfully used for simulating the present and paleoclimatic distributions of the stable isotopes in the global hydrological cycle. Charles et al. (1994) found that changes in moisture transport and source regions for Greenland at the LGM may have produced an isotopic response independently of temperature changes. A similar result has also been found for shorter (millennial-scale) climate variations (Liu et al., 2012) . Masson-Delmotte et al. (2006) showed that a major part of Greenland and Antarctic coolings of the general circulation model (GCM) simulations is caused by the prescribed local elevation increase due to ice sheets at the LGM. Werner et al. (2000) found an increased seasonality in the annual cycle of precipitation over Greenland during the LGM, but not over Antarctica. Conventionally, the spatial slope over a region (the relationship between δ 18 O precip and temperature over a region) was assumed to hold through different climates, irrespective of time, and the temporal slope (relationship of δ 18 O precip with surface temperature at a single geographical location through different climates over time) was considered to be similar to the spatial slope (Jouzel, 2003) . Modeling studies (for example, Lee et al., 2008) find that the apparent temporal slope over eastern Antarctica is half of the observed spatial slope for the LGM and that the value of the temporal slope is related to the temperature decrease over the Southern Ocean. These studies point to the importance of understanding the influence of the various forcing factors on the isotope distribution.
In our study, we aim to understand the change in δ 18 O precip during the LGM and associate the changes to the influence of the different boundary condition constraints. Following Broccoli and Manabe (1987b) , we employed a similar method using an atmospheric general circulation model to test the effect of the individual boundary conditions on the Last Glacial Maximum climate in terms of surface temperature, precipitation and δ 18 O precip .
The model and experiments

The model
We used the NCAR Community Atmosphere Model CAM3.0 (Collins et al., 2006 ) with a water isotope scheme included, hereafter referred to as IsoCAM. The isotopic version of CAM is based on the earlier isotopic scheme of Noone and Simmonds (2002) , but includes a more sophisticated treatment of surface exchange and cloud processes to make use of the multiple water phases predicted by CAM (Noone, 2003 (Noone, , 2006 Noone and Sturm, 2009; Sturm et al., 2010) . The spatial resolution employed in our experiments corresponds to a spectral truncation of T31 and 26 hybrid levels in the vertical. The related Gaussian grid has a spatial resolution of approximately 3.75 • (48 grid points in latitude and 96 grid points in longitude). Each atmospheric grid box in CAM3.0 contains a specific fraction of land, ice, or ocean.
T. Tharammal et al.: Influence of Last Glacial Maximum boundary conditions 791
The ability of CAM3.0 to efficiently simulate the global hydrological cycle is detailed in Hack et al. (2006) .
CAM is coupled to the Community Land Model, CLM , which uses the same grid as the atmospheric model. CLM includes different forms of land surface types within each grid cell, namely lakes, glaciers, wetlands and up to 16 land plant functional types (PFTs) that can include a bare soil (Dickinson et al., 2006) . For the calculation of isotope ratios over land, a simple bucket model (Manabe, 1969 ) is used, which does not differentiate between evaporation and river runoff or different soil types (Deardorff, 1977; Noone and Simmonds, 2002) . The isotope ratios over land do not take into account the fractionation during evapotranspiration or the effect of different vegetation types.
A thermodynamic sea-ice model (CSIM) represents the sea-ice component of the model. CSIM computes the surface fluxes when used with prescribed sea surface temperature (SST). It further predicts snow depth, brine pockets, internal shortwave radiative transfer, surface albedo, ice-atmosphere drag and surface exchange fluxes without the use of a flux coupler (Collins et al., 2006) .
The stable isotope ratios of water in the hydrological cycle of IsoCAM are transported through the atmosphere and the ground by the same processes (advection, moist convection, evapotranspiration, etc.) used to transport normal water (Noone and Sturm, 2009 ). The isotopes of hydrogen are also included in the model, but were not analyzed in the present study. The isotopic fractionation occurs with every phase change of the water species in the model hydrology. IsoCAM employs a semi-Lagrangian formulation for the water vapor and tracer transport (Williamson and Rasch, 1993; Williamson and Olson, 1994) . This formulation uses a shape-preserving interpolation method (Williamson and Rasch, 1989) , which avoids the generation of spurious minima or maxima through supersaturation by the transport of water vapor (Williamson and Rasch, 1993) . The scheme has been found to be sufficiently accurate for conserving isotopic ratios during advection to low-temperature environments (Noone and Simmonds, 2002; Noone and Sturm, 2009) ; however, it does not guarantee mass conservation (Staniforth and Côté, 1991; Rasch and Williamson, 1990; Williamson and Rasch, 1993; Williamson and Olson, 1994) . A "mass fixer" that repeatedly restores global mass is used in CAM3.0 to account for this imbalance (Collins et al., 2004) . Studies with the MUGCM (Noone and Simmonds, 2002) find that the application of such a mass fixer leads to fictitious changes in the isotope distribution, as the mass restoration is not local and the mass is not balanced where the spurious sinks/sources have removed/added the mass, which affects especially the polar regions. Since IsoCAM gives a better tracer-tracer correlation without the application of an a posteriori mass fixer (not shown), our simulations were carried out without mass fixing.
Experiments and boundary conditions
A simulation with all the boundary conditions set to LGM values was carried out following the PMIP2 (Paleoclimate Modelling Intercomparison Project Phase II) protocol (LGM-combined hereafter). In addition, a series of experiments was carried out by changing the individual boundary conditions (greenhouse gases, ice sheet albedo and topography, SST along with sea-ice concentration, orbital parameters) each at a time to LGM values. A pre-industrial (PI, approximately 1800 AD) simulation with boundary conditions also according to the PMIP2 protocol (Braconnot et al., 2007) served as the control run. The extent and the height of the ice sheets at the LGM were taken from the ICE-5G ice sheet topography (Peltier, 2004) . The SST datasets for the pre-industrial and LGM periods were derived from previous fully coupled CCSM3 simulations (Merkel et al., 2010) . For the SST and LGM-combined simulations, the SST dataset for the LGM was used; for all other simulations, the preindustrial SST dataset was chosen. In comparison to a multiproxy reconstruction of the LGM SST from the MARGO project (MARGO, 2009) , the model's LGM SST anomaly with respect to PI (Fig. S1 in the Supplement) shows a tropical cooling largely consistent with the MARGO estimate. However, the proxy data suggest a stronger cooling near the western coasts of Africa and South America than the model. Otto-Bliesner et al. (2009) attribute this reduced cooling in the simulations to model deficiencies that produce biases in tropical upwelling and the thermocline structure, and to insufficient model resolution. Other PMIP2 models show similar differences from the proxy data (Braconnot et al., 2012) . The PI and LGM SST data used for our simulations were very similar to the results of higher resolution CCSM3 experiments (Otto-Bliesner et al., 2006a) .
For all our experiments, the sea surface oxygen and hydrogen isotope ratios were set to the global mean surface ocean values of 0.5 ‰ and 4 ‰, respectively (cf. Craig and Gordon, 1965) .
The boundary conditions for each experiment are listed in Tables 1 and 2 . The orbital parameters for the pre-industrial control, GHG, albedo and topography simulations were prescribed to the reference values of 1950 AD, while the orbital parameters for the orbital-only and for the LGM-combined simulation were set to the 21 ka BP values (Berger, 1978) . In the GHG experiment, only the atmospheric greenhouse gas concentrations were reduced to the LGM concentrations to show the direct influence of changes in atmospheric heating due to infrared absorption, rather than the fully integrated climate response to lower GHG concentrations during the LGM, which is better captured by the stronger forcing provided by prescribing the LGM SSTs. The albedo experiment was conducted by replacing the land ice cover of the PI simulation with LGM values, thereby only changing the surface albedo to that of the LGM. The topography experiment was conducted by taking into account the change in ice sheet topography and the lowering of sea level during the LGM by 120 m (Fairbanks, 1989) . All simulations were integrated for 35 model years, and the last 10 yr of each simulation were used for analysis. The coupled CCSM3.0 model has been shown to successfully reproduce the observed distributions of surface temperature and total precipitation, as described in Otto-Bliesner et al. (2006b) and Hack et al. (2006) . Here the uncoupled CAM3.0 model is forced with a prescribed SST, and the analysis focuses on the changes to the δ 18 O of precipitation that are associated with this SST forcing and other boundary conditions. The annual and seasonal distributions of δ 18 O precip for the PI control climate are shown in Fig. 1 Because the experimental design makes use of the atmospheric component forced by conditions that result from a coupled model, it is prudent to confirm the performance of the uncoupled simulation. The impact of the glacial boundary conditions on the surface temperature and precipitation in defined geographical regions is summarized in Tables 3  and 4 , respectively. The global annual mean cooling in the surface temperature was 4.1 • C in our LGM-combined experiment with respect to the PI experiment, while the reduction of global annual mean precipitation was 0.22 mm day −1 , in good agreement with previous coupled simulations using CCSM3 (Otto-Bliesner et al., 2006a) . The SST experiment brought about a global mean cooling of 2.79 • C. The direct influence of albedo and GHG changes was a cooling of 0.18 • C and 0.14 • C in these experiments, respectively, which was comparatively small, and much smaller than the response that results from them when coupled with ocean surface temperature. The fixed SST suppressed the oceanatmosphere feedback and so only the land temperature was free to interact with the CO 2 change. The change in topography caused a mean cooling of 0.59 • C in the Northern Hemisphere (NH), while in the Southern Hemisphere (SH) the magnitude of the induced cooling was only 0.27 • C. The global mean cooling in the orbital experiment was the weakest among all the simulations. The precipitation in the tropics was reduced in all the experiments except for the GHG simulation and showed the strongest response in the SST experiment. The global annual mean energy budgets for our simulations are summarized in Table 5 . The annual global energy imbalance for the control run at the top of the model (TOM) and the surface was −2.39 W m −2 and +5.12 W m −2 (a positive sign means that the system is gaining heat), respectively. The TOM and surface residual energy imbalances for the LGM-GHG and LGM-SST experiments were larger than for the PI experiment. The model conserves energy within forced with a prescribed SST dataset, the model need not be in energy balance. The surface latent heat flux was higher in the GHG experiment in association with lower global relative humidity due to changes in the atmospheric longwave heating profile, while it was reduced in other experiments.
Zonal mean response of δ 18 O in precipitation
The orbital, GHG, and albedo experiments produced lower δ 18 O precip values in the northern high latitudes (Fig. 2) . The topography changes also produced lower δ 18 O precip values by 1 to 2 ‰ in the northern high latitudes, where the zonal mean surface temperature (not shown) was reduced by 2 to 3 • C; and by 2 to 3 ‰ in the southern high latitudes, which was associated both with the significant altitude change over the Antarctic ice sheet and changes to the atmospheric circulation over the Southern Ocean. The LGM-combined experiment yielded a strong response in the Southern Hemisphere mid-latitudes and in the south polar regions with a depletion by 2 to 4 ‰. The SST experiment and the LGM-combined experiment showed similar higher δ 18 O precip values in the tropics and equatorial regions where the precipitation was reduced by 5-10 % (not shown). In the higher latitudes, however, the effect of the ice sheet albedo and topography in the LGM-combined experiment led to lower δ 18 O precip values as compared to the SST simulation.
Annual mean spatial response to the different forcings
Global responses of δ 18 O precip
The annual mean spatial responses in surface temperature, δ 18 O precip and precipitation are shown in Figs. 3, 4 and 5, respectively. The temperature ( Fig. 3a) and precipitation ( Fig. 5a ) responses to the direct GHG forcing were small and were only seen over land because the SST was prescribed. A reduced atmospheric CO 2 concentration in a coupled simulation would have directly affected the amount of outgoing longwave radiation and reduced the net downward heat flux at the ocean surface, thereby cooling the ocean surface. Globally, the δ 18 O precip response ( Fig. 4a) was small, and regions of low temperature in the high latitudes were characterized by low δ 18 O precip values.
The effect of the albedo change was seen predominantly in the Northern Hemisphere as the increased albedo of the ice-covered grid cells (i.e. without topographic change due to ice sheets) caused a reduction in surface temperature by 1 to 5 • C (Fig. 3b ). δ 18 O precip followed the temperature pattern with lower δ 18 O precip values of 1.5 to 2 ‰ with a spatial slope of 0.67 ‰ • C −1 (Fig. 4b ) over North America, and parts of Eurasia where the precipitation was also reduced compared to PI values (Fig. 5b) . The ice sheet topography experiment resulted in a strong cooling (approximately −15 • C, Fig. 3c ) and reduction in precipitation (Fig. 5c ) in the regions of elevated orography, because the elevation change was about 2 km over the North American and Eurasian ice sheets and temperature decreases with altitude at a lapse rate of approximately 6.5 • C km −1 . δ 18 O precip was depleted by 5 to 15 ‰ (Fig. 4c) , and the model predicted a spatial slope of δ 18 O precip vs. temperature of 0.61 ‰ • C −1 over the North American ice sheets. The effect of changes in the orbital parameters on the simulated climate and δ 18 O precip was small (Fig. 4d) . Surface temperature was lowered by around 1 • C over parts of North America and Europe (Fig. 3d) . Similar to the very weak surface temperature response, only small changes were seen in the precipitation with an increase in the range of 0.1 to 1 mm day −1 over parts of the globe (Fig. 5d) .
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In the SST experiment, the surface temperature over the northern high latitudes and polar regions was reduced by more than 12 • C (Fig. 3e) , a direct effect in response to the reduced SST. δ 18 O precip was more depleted over the high latitudes with the reduced temperature and more enriched over the monsoonal regions, where a reduction in annual precipitation was simulated (Fig. 4e) . In the LGM-combined simulation, the ice sheets caused strong anomalies in temperature (Fig. 3f ), δ 18 O precip (Fig. 4f ) and also in precipitation ( Fig. 5f ) over the North American land mass and parts of the North Atlantic Ocean, because the atmosphere became drier, especially in high latitudes. A strong cooling in surface temperature and a similar pattern of reduction in δ 18 O precip with a spatial slope of 0.52 ‰ • C −1 over the expanded ice sheets were simulated, because of the colder and drier climate over them. Over the northern African continent and over the Indian subcontinent, higher δ 18 O precip values of 0.5 to 2 ‰ were simulated. The positive and negative anomalies in precipitation simulated over the tropics were similar to the response modeled in the SST experiment, which points to a local response in precipitation to the changes in SST.
Regional mean responses of δ 18 O precip
The annual mean δ 18 O precip and the difference from the control experiment for North America, Eurasia, Greenland, northern Africa, southern Africa, northern and southern South America and Antarctica in each experiment are given in Table 6 (geographical regions defined by appropriate latitude-longitude boundaries). Over northern Africa a strong increase in δ 18 O precip values was simulated in all the experiments compared to the control experiment, with the maximum response in the LGM-combined experiment (1.57 ‰). LGMcombined experiments from the control run. Anomalies in the surface temperature at the margins of the Ross and Weddell seas in the SST and the LGM-combined experiments are stippled because the respective grid cells were erroneously defined as ocean. In southern Africa, the depletion was most pronounced in the SST and LGM-combined experiments, and the results showed the dependence of δ 18 O precip on the SST change (a lower SST led to lower isotope values). Over Greenland, the mean value of δ 18 O precip was −22.3 ‰ in the LGMcombined experiment, and the SST experiment produced the largest signal among all experiments with a depletion by 2.6 ‰. The geographical region covered by the Eurasian ice sheet was more depleted by 5.9 ‰ in the LGM-combined experiment, whereas the topography and SST simulations produced a depletion by 2.1 and 2.7 ‰, respectively. Over the Laurentide ice sheet, the δ 18 O precip was lower by 10.3 ‰ in the LGM-combined simulation and the topography change produced a decrease of 3.3 ‰. Over Antarctica, an areaaveraged mean depletion of 2.2 ‰ in the LGM-combined simulation was obtained, whereas the topography and the SST experiments produced δ 18 O precip values lower by about 1.2 ‰ each.
5.3
The spatial relationship of δ 18 O precip to surface temperature and precipitation
In order to understand the relationship between annual mean δ 18 O precip and surface temperature under different climate states, a simple linear regression analysis was used to calculate the spatial slopes over Greenland and Antarctica ( Fig. 6a-d LGM-combined experiments from the control run. Over Greenland, the PI control run gave a spatial slope of 0.63 ‰ • C −1 (Fig. 6a) . The slopes of the SST (0.58 ‰ • C −1 ), topography (0.60 ‰ • C −1 ) (not shown) and LGM-combined experiments (spatial slope of 0.54 ‰ • C −1 , Fig. 6b ) deviated notably from the PI relationship. Figure 6e and f show the relationship between the annual mean precipitation and δ 18 O precip , i.e. the amount effect over the tropics (from 20 • S to 20 • N) for the PI control and LGM-combined simulations. Both experiments showed lower δ 18 O precip values with an increase in the precipitation amount. This was also found for the other experiments (not shown). The modeled relation between total precipitation (P ) and δ 18 O precip for the control experiment was δ 18 O precip = −0.51P −2.66 ‰ (slope in ‰ per mm day −1 ). The GHG, albedo, topography and orbital experiments produced minor deviations in the range of 0.01-0.02 ‰ per mm day −1 (not shown) from the spatial slope obtained for the control run. In contrast, spatial slopes of −0.60 and −0.58 ‰ per mm day −1 were found for the SST and LGM-combined experiments, respectively.
We used the results of our pre-industrial simulation to compare the spatial slope of δ 18 O precip and surface temperature over Antarctica with the observational surface Antarctic snow composition data (Masson-Delmotte et al., 2008) , and the present-day model simulations by Sime et al. (2008) . For this, we regridded the annual mean results onto a 50 km equal-area grid (using only the continental grid cells as in Sime et al., 2008) . The spatial relationships of δ 18 O precip to the surface temperature were calculated for the entire Antarctic, East Antarctic and the West Antarctic regions. These regions were defined as per Sime et al. (2008) . We obtained a slope of 0.54 ‰ • C −1 over the entire continent, where Masson-Delmotte et al. (2008) (Fig. 6d) . The albedo and GHG experiments yielded slopes that were identical to those in the control simulation. The precipitation simulated by the model for the PI control run was found to be larger by 10 to 20 kg m −2 yr −1 when compared to the observations (cf. Masson-Delmotte et al., 2011) . The overestimation of the surface temperature and the precipitation rate in the model over Antarctica may have contributed to the lack of depletion simulated by the model.
The temporal δ 18 O precip -surface temperature slope between the PI and LGM-combined simulations calculated for Greenland was 0.51 ‰ • C −1 , which was about 19 % smaller than the PI spatial slope. The temporal δ 18 O precip -surface temperature slope between the PI and LGM-combined simulations for the entire Antarctic was 0.3 ‰ • C −1 , which was ∼ 50 % lower than the PI spatial slope. The temporal slope for the East Antarctic was 0.21 ‰ • C −1 , which was ∼ 60 % lower than the PI spatial slope over the region, whereas for the West Antarctic the temporal slope was 22 % lower (0.46 ‰ • C −1 ) than the PI spatial slope over the region.
Seasonal signals in the sensitivity experiments
Seasonal cycle in control and LGM-combined climates
In order to address the seasonal variations of δ 18 O precip and the climate variables, the difference between boreal summer (June-August, JJA) and boreal winter (December-February, DJF) for surface temperature, δ 18 O precip and precipitation were analyzed for the PI and LGM-combined simulations. First, we analyzed the seasonal amplitude (JJA minus DJF) for the PI control simulation (Fig. 7 ). δ 18 O precip values were higher (by 2 to 14 ‰) in the boreal summer (Fig. 7b) compared to the winter season in the Northern Hemisphere, notably over North America and Eurasia, which may be due to the higher summer temperature (Fig. 7a) . Lower values of δ 18 O precip were simulated in the northern tropics during the boreal summer compared to boreal winter. This could be related to the amount effect, as suggested by the corresponding precipitation signature (Fig. 7c) .
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When contrasting the LGM-combined and PI seasonality (Fig. 8) , the amplitude of the seasonal cycle of surface temperature over the northern latitudes (> 30 • N), especially over Greenland, Eurasia and North America, was stronger in the LGM-combined simulation (Fig. 8a) . For δ 18 O precip , the strength of the seasonal cycle in the control climate was larger over the Laurentide ice sheet, while over Eurasia the LGM seasonal amplitude was stronger (Fig. 8b) . The seasonality of precipitation in the LGM climate was weaker as compared to the control climate over the monsoon regions and in higher latitudes. Over southern Africa and between 40 • N and 50 • N on the North American continent, the seasonal amplitude of precipitation was larger during the LGM (Fig. 8c) , possibly because of a reduced winter (DJF) precipitation in the LGM-combined simulation when compared to the PI. 
Seasonal response in the experiments in comparison with PI
Atmospheric general circulation features such as monsoons or the seasonal migration of the Intertropical Convergence Zone (ITCZ) are reflected in the distribution of δ 18 O precip . The isotopic ratio of summer precipitation is much lower than that of winter precipitation and leads to lower summer δ 18 O precip values in connection with the precipitation amount, especially in the tropics (seasonality and amount effect of isotopes, Dansgaard, 1964 O precip values were simulated in the Northern Hemisphere in the topography, SST and LGM-combined simulations in the DJF and JJA seasons (Figs. 9 and 10 respectively) when compared to the control simulation, which could be a result of the temperature effect due to the reduced SST and the changes in the atmospheric circulation brought about by the topography changes. In the DJF season, δ 18 O precip values were lowered by 5 to 10 ‰ over western Antarctica in the topography, LGM-combined and SST experiments. The albedo experiment produced lower summertime δ 18 O precip values over North America, and the response was stronger than in winter. The topography experiment produced higher δ 18 O precip values in the south of the North American continent. Higher δ 18 O precip values were simulated over central Antarctica in the SST experiment, both in winter and summer. It should be noted that the direct influences of GHG forcing provided a minimal response in both winter and summer seasons over land. The higher δ 18 O precip values in the boreal summer in the SST and LGMcombined simulations over Africa and South Asia were correlated with the reduced summer monsoon intensity (not shown) in these experiments.
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Isotopic content of the atmospheric water vapor
The isotopic ratio in precipitation depends on the isotopic content of the atmospheric water vapor, which in turn changes with the atmospheric circulation. In the present study, the topography and LGM-combined experiments produced the greatest changes in the atmospheric circulation and seasonal distribution of the δ 18 O content of the water vapor. Therefore, we focus on these experiments in the remainder of this section.
The isotopic content of water vapor at the 500 hPa level showed a wintertime depletion (Fig. 11) over the ice sheets in the topography experiment compared to the control run. The 500 hPa geopotential height field showed a split over the Laurentide ice sheet in the flow due to the topography, in agreement with previous LGM modeling experiments (Otto-Bliesner et al., 2006a) . A trough in the geopotential height field indicated enhanced storm activity over Eurasia and the North Atlantic in the winter season of the LGMcombined simulation (Fig. 11a) , with a ridge over western North America and a trough over the east of the continent. The more westerly winds over central and northern Greenland in winter, and also the remote moisture transport from North America with lower δ 18 O values relative to a North Atlantic source, caused lower δ 18 O values in the water vapor over Greenland. In contrast, higher δ 18 O values in water vapor were found over the North Pacific and over eastern Eurasia where southeasterly wind anomalies were simulated with respect to the PI experiment. Another feature of the 500 hPa winter circulation was enhanced transpolar winds (Fig. 11b middle) were absent from the LGM-combined experiment (Fig. 11b  bottom) . In the summer season (Fig. 12) , higher δ 18 O in water vapor were simulated over Greenland and northwestern Eurasia, and lower δ 18 O in water vapor were simulated over the Laurentide ice sheet in the LGM-combined experiment when compared with the control run (Fig. 12b bottom) . Higher δ 18 O values in water vapor over Eurasia and over the Laurentide ice sheet were seen in the topography experiment. Also, the circulation from Eurasia and the North Atlantic to central and southern Greenland was strengthened due to stronger eddy activity, along with a strengthening of the circumpolar winds (Fig. 12b middle) . The 500 hPa wintertime circulation responses over North America were similar in the LGMcombined and the topography simulations, whereas the summer circulation in the LGM-combined was distinct from the topography experiment. These differences in the summer circulation were reflected as opposite signals in the pattern of the δ 18 O in vapor (higher δ 18 O values in the topography experiment and lower δ 18 O values in the LGM-combined experiment) over northeast and central North America.
Discussion
To understand the changes in δ 18 O precip between the PI and LGM, a sequential procedure was used to isolate the influence of the different LGM boundary conditions on climate. The experiments enable an examination of the dependence of the δ 18 O precip distribution on different aspects of the atmospheric circulation and precipitation regime that result from the various climate forcing factors.
Simulated climates
The climate in our LGM-combined and PI control experiments was similar to results from existing coupled atmosphere-ocean model simulations (Otto-Bliesner et al., 2006a; Merkel et al., 2010) . This was in line with the observation from fixed-SST atmospheric model studies by, for example, Timbal et al. (1997) and Mahfouf et al. (1994) that an atmospheric GCM forced by SST anomalies from a coupled model run can reproduce the general features of the atmospheric response obtained by the coupled model. The specification of SST at the lower boundary of an atmospheric GCM has the advantage that the atmosphere equilibrates in a few months with the prescribed SSTs. However, prescribing SSTs led to an annual global energy imbalance at the top of the model and the surface, and the largest effects were seen in the surface energy budgets. The surface temperature and precipitation patterns in the PI and LGM-combined simulations were nearly identical to those of the fully coupled model, so we expect the simulations to produce consistent mean atmospheric states in response to the forcings, and the anomalies from the control climate to be robust. When compared to the PI simulation, the global annual mean latent heat flux is reduced in all the experiments except the GHG simulation, which in turn balances the decreased global annual mean precipitation.
A change in the albedo alters the absorption and reflection of solar radiation. The albedo effect of the ice sheets is more prominent in the boreal summer months than in the winter months, with a strong reduction of summer surface temperature over North America and Eurasia and a corresponding depletion of δ 18 O precip . The surface temperature gradient between the ice sheets and the adjacent ice-free areas produced increased summer precipitation over the south- ern part of North America and the western North Atlantic as also noted by Manabe and Broccoli (1985) .
In the topography experiment a localized reduction of surface temperature and more depleted values of δ 18 O precip were simulated due to drier conditions over the elevated orography. The altitude effect contributed to the lower isotope ratios. The effects of the ice sheet topography were mainly confined to the Northern Hemisphere high latitudes, as an inter-hemispheric heat transport via ocean currents is missing in the experiments. The resulting cooling was much smaller than that obtained by Hewitt and Mitchell (1997) , who use an atmospheric general circulation model coupled to a mixedlayer ocean model. Qualitatively, our results for the topography experiment match those obtained by Pausata et al. (2011a) with a coupled atmosphere-ocean model, who also obtain a warming over southern North America and western Europe in response to the elevated orography, but on a larger scale.
The global mean temperature change of the orbital experiment was the smallest among all the simulations, which was expected as the orbital parameters for the present day and the LGM are quite similar. The SST played a decisive role in the reduction of tropical surface air temperature and precipitation and consequently led to higher δ 18 O precip values in the SST experiment, which could thus be interpreted as a direct effect of the SST on the tropical climate. Pausata et al. (2011b) similarly find that changes in the Indian Ocean SST alone lead to a decrease in precipitation over the Indian Ocean and subcontinent, hence producing higher δ 18 O precip values over southern and eastern Asia. The global mean cooling brought about by the SST experiment accounted for 67 % of the total temperature reduction in the LGM-combined experiment, which clearly demonstrated the importance of the ocean forcing.
The precipitation decreased substantially in the LGMcombined simulation, particularly in the ITCZ and the monsoon regions as seen in previous studies (e.g. Shin et al., 2002) .
In summary, the experiments showed that the SST and topography changes brought about considerable changes in the annual mean surface temperature and distribution of δ 18 O precip . The SST experiment produced a global response, whereas the topography and ice sheet albedo had more local effects on climate and hence the δ 18 O precip distribution.
Regional annual mean of δ 18 O precip
From the regional annual means of δ 18 O precip over the different geographical regions (Table 6 ), we infer that each factor produced unique changes in the isotope signals over different regions. The albedo, topography and SST changes were the major factors influencing the annual mean δ 18 O precip over the Laurentide ice sheets. For Greenland and Antarctica, the reduction in SST and the change in topography were the dominant factors that led to more depleted values compared to the PI simulation. The topography and SST effects explained most of the LGM depletion over Antarctica.
The regional annual mean of δ 18 O precip over the North American ice sheets for the LGM-combined experiment is −24 ‰ (Table 6) , which is less depleted compared to the approximate value of −31 ‰ derived for the Laurentide ice sheet (Duplessy et al., 2002) . A lowering by 10 ‰ of δ 18 O precip values was produced over the Laurentide ice sheet in the LGM-combined experiment. The topography change alone brought about lower δ 18 O precip values of 3 ‰ over North America, while albedo and SST changes reduced δ 18 O precip by 1 ‰ each. The altitude effect (Dansgaard, 1964) in the topography experiment was evident from the difference to the ice sheet albedo experiment.
The mean value of −17 ‰ in the LGM-combined experiment over Eurasia was comparatively high with respect to the range of −16 to −40 ‰ proposed by Duplessy et al. (2002) . The annual mean difference of −2.2 ‰ between the LGMcombined and PI experiments over Greenland (Table 6 ) was smaller than the difference of −6 to −8 ‰ in δ 18 O precip obtained from GRIP/GISP2 estimates (Werner et al., 2000 , and references therein). The difference of δ 18 O precip between the LGM-combined and PI experiments over central Greenland of −2.67 ‰ was smaller than the difference of −4.1 ‰ modeled for the summit region by Werner et al. (2001) . The difference in annual mean surface temperature between the LGM-combined and PI experiments over central Greenland (−13.96 • C) was smaller than the reconstructed value from the borehole thermometry (approximately −23 • C; Cuffey and Clow, 1997) . Thus, the overestimation of surface temperature over Greenland in the model could explain the heavier δ 18 O precip value.
Over northern and southern South America, the annual mean depletion was stronger in the SST and LGM-combined experiments compared to the control climate. Previous studies (Clapperton, 1993; Thompson et al., 2000) suggest a drier climate over South America during the LGM (25 % of land classified as desert), with colder tropical oceans and weaker inflow of moisture from the ocean. The response of the δ 18 O precip to the LGM-combined and LGM-SST forcing hints at the influence of the Atlantic Ocean, Pacific Ocean and Caribbean Sea, which are the major sources of moisture for this continent (Rozanski and Araguas-Araguas, 1995) . Sylvestre (2009) suggests prevailing drier conditions in northern South America and a wetter southern part of the continent. The apparent shift in ITCZ and the wetter zones along with a less supply of moisture with higher δ 18 O precip composition from the ocean are expected to be the reason for more depleted values simulated in southern South America than in northern South America. Over northern Africa, higher annual mean δ 18 O precip values were simulated in all simulations in spite of small anomalies in precipitation, and the corresponding slopes in the precipitation-δ 18 O precip relationships for all the experiments were higher (by 0.1 to 0.2 ‰ mm −1 day −1 ) than for the PI experiment (−0.69 ‰ mm −1 day −1 ), except for the topography experiment. These changes were consistent with the amount effect, as was also reported by Risi et al. (2010) for western Africa. There may be different reasons for the negative precipitation anomalies over western Africa in the individual experiments. It was found that the ice sheet albedo in LGM is responsible for the changes in the subtropical trade wind pattern and a southward shift of the ITCZ (Chiang et al., 2003) . However, the precipitation anomalies could also result from a poor representation of surface temperature and precipitation in our model over this region (Levis et al., 2004; Deser et al., 2005; Meehl et al., 2006) . When compared the model results with observed data (GNIP; IAEA/WMO, 2006), it was found that the model in general underestimated δ 18 O precip in arid regions such as northern Africa, thus a small reduction in precipitation could have caused an exaggerated increase in isotope ratios. Finally, the model is comparatively colder over northern Africa, while it overestimates the precipitation in the southern parts when compared to observations. The simulated annual mean anomaly of δ 18 O precip over Antarctica in the LGM-combined experiment agrees reasonably well with the reconstructed difference of 3 to 5 ‰ compared to the present-day value in the Vostok ice core (Lorius et al., 1985) . The δ 18 O precip -surface temperature relationship simulated in the PI experiment over Greenland has a slope that is slightly smaller (by 0.06 ‰ • C −1 ) compared to observations (Johnsen et al., 1989, δ 18 
and results from the ECHAM3 (Werner et al., 2000) and the CAM2 (Lee et al., 2007) atmosphere models. In our LGM-combined experiment, the spatial slope was reduced by 0.09 ‰ • C −1 over Greenland. Generally, the spatial slopes obtained for the control and LGM climates were similar, as in the results obtained by, for example, Jouzel et al. (1994) . The slope of the δ 18 O precip -surface temperature relationship over Antarctica in the PI simulation (0.54 ‰ • C −1 ) deviates from the observations by Dahe et al. (1994) , who derive a slope of 0.84 ‰ • C −1 , and by Masson-Delmotte et al. (2008) with a result of 0.80 ‰ • C −1 . The inability of isotope models to accurately simulate the present-day distribution of isotopes over the southern polar regions and the failure to reproduce the inland depletion was discussed in Werner et al. (2000) and Lee et al. (2007) . The underestimation of isotopic depletion over Antarctica is suggested to be related to the representation of the cloud microphysics in these models and their representation of the transport of moisture inland (Masson-Delmotte et al., 2008) . The reduced slope over Antarctica in our results points to less depletion of isotopes in precipitation with lower temperature in the model over the continent. The warm bias in our model over Antarctica could also be a contributing factor to the lack of the lowest δ 18 O precip values observed in polar snow.
The tropical amount effect was evident in all our simulations and the slope obtained for the control run was comparable in magnitude with the slope derived from the observed values at the tropical marine stations selected from the GNIP database (−0.55 ‰ per mm day −1 , Bony et al., 2008; Cole et al., 1999) . Except for the SST and LGM-combined experiments, the changes in the δ 18 O precip -precipitation relationship were negligible, mostly due to the fixed SSTs.
The spatial and temporal slopes for Greenland were relatively close when the difference between the LGM-combined and PI simulations was considered (the temporal slope differed by about ∼19 % from the spatial slope). Temperature profiles from borehole thermometry (Cuffey et al., 1994 , Jouzel et al., 1997 and temperature estimates from the thermal fractionation of gases (Severinghaus et al., 1998; Severinghaus and Brook, 1999) indicate that the temporal slope over Greenland was about half of the spatial slope. A modeling study by Werner et al. (2000) , who obtain a temporal slope smaller by 60 % than the spatial slope, attributes this change to the seasonality in glacial precipitation (strongly reduced winter precipitation) over Greenland. We suggest that the absence of a distinct seasonality in precipitation under PI as well as glacial conditions over Greenland in our results led to similar spatial and temporal slopes. The temporal slope obtained over East Antarctica was about half the spatial slope, as also seen in the modeling study by Lee et al. (2008) . The reduced winter precipitation in the LGM and the changes in the glacial topography and consequent reduction in surface temperature in West Antarctica could have resulted in the change of the glacial-PI temporal slope. Lee et al. (2008) suggest that the value of the temporal slope is related to the temperature decrease over the Southern Ocean. Comparison of the temporal slopes with that obtained by the modeling studies of Werner et al. (2000) and Lee et al. (2008) suggests that the slopes obtained could be model dependent.
Seasonal cycle of δ 18 O precip
As Jouzel et al. (1987) noted for the present-day climate, the seasonal cycle of δ 18 O precip is divided at 30 • of latitude, where the zero contour was also found in all our experiments (Figs. 7b and 8b) . Observations show that poleward of this latitude the seasonal contrast is stronger and the maximum enrichment in the summer of the respective hemispheres is largest (Feng et al., 2009) . These latitudes coincide with regions of strong evaporation and little precipitation due to subsiding air masses. Furthermore, the precipitation in these latitudes is enriched in heavy isotopes because of the proximity to the source regions. It has been argued that the seasonality of isotopes between 20 • S and 20 • N reflects the atmospheric circulation and that the isotopic minima and maxima in the different seasons represent the positions of the ITCZ (Feng et al., 2009) .
The seasonal anomalies of δ 18 O precip in the simulations show that the influence of the climate factors varies with the seasons. The largest response in δ 18 O precip to the ice sheet albedo was simulated in boreal summer. The higher summertime δ 18 O precip values produced over the tropical monsoon regions in the SST and LGM-combined simulations are also evidence of the dominance of the rainy season on the annual signal and of the relative importance of SST in the distribution of δ 18 O precip over the region. The higher δ 18 O precip values simulated in the summer season of the LGM-combined experiment are in agreement with previous studies indicating a weaker southwest summer monsoon during the LGM (Manabe and Broccoli, 1985; Van Campo, 1986; Kutzbach and Guetter, 1986; Rind, 1987; Lautenschlager and Santer, 1991) , and at the same time, the ITCZ likely shifted southward.
The absence of a strong seasonality in the precipitation rate over Antarctica found in our experiments was also reported in Cuffey et al. (1997) . A similar lack of definite seasonality in precipitation and in isotope distribution over Greenland was found in all the simulations. The SST experiment brought about the largest change in the δ 18 O precip distribution over Greenland, both in winter and summer, while the topography experiment produced more depleted δ 18 O precip values in summer, when compared to the control experiment.
Changes in the atmospheric circulation
It is suggested that the atmospheric circulation in the LGM was considerably different from the present-day configuration, owing to the elevated ice sheet orography and increased sea ice in high latitudes (Broccoli and Manabe, 1987a; Shin et al., 2002; Otto-Bliesner et al., 2006a) . Pausata et al. (2011a) conclude that the ice sheet topography in the LGM plays a dominant role in altering the large-scale atmospheric circulation, particularly over the North Atlantic Ocean. Distinct changes in the northern high-latitude circulation were indeed simulated in our topography and LGMcombined experiments with associated differences in the distribution of δ 18 O in vapor.
Previous studies (Charles et al., 1994; Werner et al., 2001 ) identify the nearby polar seas, the North Atlantic and North Pacific Oceans and the North American and Eurasian continents as the moisture source regions for glacial Greenland precipitation. When compared to modern conditions, the ice sheets caused a significant reduction of the contribution of moisture from North America, particularly the region covered by the ice sheets. Werner et al. (2001) also find a southward shift of moisture transport from the North Atlantic and North America to Greenland. Kageyama and Valdes (2000) suggest that in Greenland the winter precipitation during the LGM is lower because of the changes in atmospheric circulation and the southward deviation of the storm tracks due to the Laurentide ice sheet, extended sea ice, and also because of the modified latitudinal SST gradient. The drier air mass advected over Greenland causes less precipitation during the winter season in the north. The drier air mass over the ridge in the 500 hPa geopotential height field (not shown) near the margin of the Laurentide ice sheet may have led to more depleted δ 18 O in vapor values during winter in both the topography and LGM-combined simulations. The increased northerly flows and trans-polar advection of colder and drier air masses at the 500 hPa level in the LGM-combined experiment would also have contributed to the drier conditions and more depleted δ 18 O in vapor values during the DJF season. When comparing responses of δ 18 O in vapor to the topography and the LGM-combined forcing, they are very similar over North America during DJF and opposite during JJA. This indicates that the ice sheet albedo was the major controlling factor during summer. Pausata et al. (2011a) also find a relatively larger effect of albedo on the upper tropospheric winds in summer. The enrichment of heavy isotope ratios in vapor in the mid-troposphere seen in the JJA season of the LGM-combined and topography simulations over Greenland could be attributed to the advection of enriched water vapor from the North Atlantic and Eurasia, which agrees with Charles et al. (1994) , while the North Pacific source of moisture for northern Greenland was not evident in our results.
Conclusions
Our experiments allowed for an assessment of the effect of the individual climatic boundary conditions on the climate of the LGM, although a complete factor separation analysis (Stein and Alpert, 1993) was beyond the scope of this study. The focus was on the spatial pattern of the climate and corresponding isotopic response and to a lesser degree on its magnitude. We suppressed the feedbacks from the ocean and sea ice by using fixed SSTs derived from previous simulations of a coupled atmosphere-ocean model, which allowed the response to the LGM SST to be considered as a separate factor. This methodology had the advantage of largely isolating the effect of the individual forcing factors (particularly albedo, ice sheet topography and insolation changes) on the atmosphere without the response being dominated by the SST feedback. We note, however, that quantitative aspects of the response to the individual forcing factors in a fully coupled model are likely to be different from our results.
Our simulations indicate that the changes in topography due to the large continental ice sheets and the changes in SST were the two predominant factors determining the distribution of oxygen isotopes in precipitation. The altitude effect and the changes in atmospheric circulation brought about by the LGM topography led to a depletion of δ 18 O precip in the high latitudes of the Northern Hemisphere. Overall, the albedo and topography of the ice sheets have a local effect on the surface temperature and precipitation, and the distribution of δ 18 O precip appears to be influenced by these local changes in surface temperature. The lower SST was the dominant factor in reducing the precipitation in the tropical regions, which in turn led to higher δ 18 O precip values in summer. Treating the SST as a separate forcing factor helped to understand the isotopic response, particularly in the tropics.
The relationship between δ 18 O precip and surface temperature and δ 18 O precip and precipitation was rather insensitive to changes from PI to full LGM boundary conditions. A strong seasonality was lacking in the surface distribution of δ 18 O precip and precipitation over Greenland in all the simulations. The LGM-topography and LGM-combined simulations produced substantial changes in the tropospheric circulation. The changes in atmospheric circulation led to a drying and more depleted δ 18 O in vapor in the LGM-combined simulation during boreal winter. In contrast, the summer circulation showed an enhanced southerly flow from the North Atlantic to Greenland with enriched vapor. The increased summertime southerly moisture transport from the North Atlantic to Greenland in the LGM-combined experiment hints that it could be a major source of moisture for Greenland during the LGM. The role of the North Atlantic SST in causing changes in the atmospheric circulation near Greenland could be small, as the 500 hPa anomalies in the δ 18 O in vapor in the SST experiment were small and even opposite in sign when compared to the anomalies of the LGM-combined simulation. An isotopic seasonality related to the precipitation 806 T. Tharammal et al.: Influence of Last Glacial Maximum boundary conditions amount effect is found over the tropical monsoon regions in our LGM-combined and SST simulations, where the colder and drier Asian continent during the LGM caused a reduction of the land-sea temperature gradient and hence of the intensity of the SW monsoon. Future studies should include at least a mixed-layer ocean model to account for the oceanatmosphere feedback, as well as a possibility to tag the water vapor from different source regions.
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